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ABSTRACT 45 
 46 

 A polar–subtropical jet superposition is preceded by the development of a polar cyclonic 47 

potential vorticity (PV) anomaly at high latitudes and a tropical anticyclonic PV anomaly at 48 

subtropical latitudes. A confluent large-scale flow pattern can lead to the juxtaposition of these 49 

respective PV anomalies at middle latitudes, resulting in the addition of the nondivergent 50 

circulations induced by each PV anomaly and an increase in upper-tropospheric wind speeds at 51 

the location of jet superposition. Once these PV anomalies become juxtaposed, vertical motion 52 

within the near-jet environment facilitates the advection and diabatic redistribution of 53 

tropopause-level PV, and the subsequent formation of the steep, single-step tropopause structure 54 

that characterizes a jet superposition. Given the importance of vertical motion during the 55 

formation of jet superpositions, this study adopts a quasigeostrophic (QG) diagnostic approach to 56 

quantify the production of vertical motion during three types of jet superposition events: polar 57 

dominant, eastern subtropical dominant, and western subtropical dominant. The diagnosis 58 

reveals that the geostrophic wind induced by polar cyclonic QGPV anomalies is predominantly 59 

responsible for QG vertical motion in the vicinity of jet superpositions. The QG vertical motion 60 

diagnosed from the along-isotherm component of the Q vector, which represents the vertical 61 

motion associated with synoptic-scale waves, is dominant within the near-jet environment. The 62 

QG vertical motion diagnosed from the across-isotherm component of the Q vector, which 63 

represents the vertical motion associated with frontal circulations in the vicinity of the jet, is 64 

subordinate within the near-jet environment, but is relatively more important during eastern 65 

subtropical dominant events compared to polar dominant and western subtropical dominant 66 

events.67 
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1. Introduction 68 

 Polar–subtropical jet superpositions represent a type of synoptic-scale environment 69 

conducive to high-impact weather (Winters and Martin 2014, 2016, 2017; Handlos and Martin 70 

2016; Christenson et al. 2017; Winters et al. 2020). The development of a jet superposition is 71 

conceptualized by Winters and Martin (2017; their Fig. 2) and Winters et al. (2020; their Fig. 1) 72 

using a potential vorticity (PV) framework. The forthcoming discussion of this conceptual 73 

model, adapted here in Fig. 1, parallels that in Winters et al. (2020). Prior to jet superposition, 74 

the large-scale flow pattern features a polar cyclonic PV anomaly at high latitudes and a tropical 75 

anticyclonic PV anomaly at subtropical latitudes (Fig. 1a). Polar cyclonic PV anomalies often 76 

develop in association with coherent tropopause disturbances (e.g., Hakim 2000; Pyle et al. 77 

2004) or tropopause polar vortices (e.g., Cavallo and Hakim 2009, 2010, 2012, 2013), whereas 78 

tropical anticyclonic PV anomalies often develop in association with the transport of tropical, 79 

low-PV upper-tropospheric air towards middle latitudes via low-latitude troughs (e.g., Morgan 80 

and Nielsen-Gammon 1998; Iskenderian 1995; Roundy et al. 2010; Fröhlich et al. 2013; Winters 81 

and Martin 2016) and the diabatic erosion of upper-tropospheric PV that accompanies 82 

widespread latent heating (e.g., Lee and Kim 2003; Agustí-Panareda et al. 2004; Ahmadi-Givi et 83 

al. 2004; Son and Lee 2005; Grams et al. 2011, 2013; Grams and Archambault 2016; Winters 84 

and Martin 2017). 85 

 The upper-tropospheric jets are closely related to the positions of polar cyclonic and 86 

tropical anticyclonic PV anomalies within the aforementioned conceptual model. In particular, 87 

the polar jet (e.g., Palmén and Newton 1948; Namias and Clapp 1949; Newton 1954; Palmén and 88 

Newton 1969, pp. 197–200, Keyser and Shapiro 1986, pp. 458–461; Shapiro and Keyser 1990) is 89 

located equatorward of the polar cyclonic PV anomaly, while the subtropical jet (e.g., Starr 1948; 90 
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Loewe and Radok 1950; Yeh 1950; Koteswaram 1953; Mohri 1953; Koteswaram and 91 

Parthasarathy 1954; Sutcliffe and Bannon 1954; Krishnamurti 1961; Riehl 1962) is located 92 

poleward of the tropical anticyclonic PV anomaly (Fig. 1a). A jet superposition occurs when the 93 

initially separate polar cyclonic and tropical anticyclonic PV anomalies become juxtaposed at 94 

middle latitudes. The idealized vertical cross section in Fig. 1c reveals that jet superpositions are 95 

associated with a steep, single-step pole-to-equator tropopause structure, rather than the two-step 96 

tropopause structure that characterizes the vertical cross section in Fig. 1b through separate polar 97 

and subtropical jets. Jet superpositions are also marked by strong baroclinicity in the upper 98 

troposphere and lower stratosphere, and strong wind speeds that result from the addition of the 99 

nondivergent circulations induced by each respective PV anomaly (Fig. 1c). 100 

 The nature by which polar cyclonic and tropical anticyclonic PV anomalies interact prior 101 

to a jet superposition varies across events (Winters and Martin 2016). To characterize this 102 

variability, Winters et al. (2020) conducted a climatological analysis of North American jet 103 

superposition events by classifying events in the National Centers for Environmental Prediction 104 

Climate Forecast System Reanalysis (CFSR; Saha et al. 2010) based on the extent to which the 105 

polar and subtropical jets deviated from their respective climatological locations to form a 106 

superposition. “Polar dominant” events were classified as those events in which the polar jet 107 

superposes with the subtropical jet near the climatological location of the subtropical jet, while 108 

“subtropical dominant” events were classified as those events in which the subtropical jet 109 

superposes with the polar jet near the climatological location of the polar jet. Whereas polar 110 

dominant events often develop near the U.S. Gulf Coast and the U.S./Mexico border, subtropical 111 

dominant events preferentially develop on the eastern and western coasts of North America 112 

(Winters et al. 2020; their Fig. 4). The latter observation motivated Winters et al. (2020) to 113 
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consider a separate eastern and western category of subtropical dominant events. 114 

 Across all jet superposition event types, Winters et al. (2020) determined that the three-115 

dimensional divergent circulation within the near-jet environment strongly influences the 116 

development of the steep, single-step tropopause structure that characterizes a superposition. In 117 

particular, latent heating associated with moist ascent in the near-jet environment influences the 118 

development of a steep, single-step tropopause structure during both subtropical dominant event 119 

types via the diabatic redistribution of upper-tropospheric PV on the equatorward side of the jet 120 

(Winters et al. 2020; their Figs. 10a and 13a). The three-dimensional divergent circulation also 121 

acts to steepen the slope of the tropopause mechanically during both subtropical dominant event 122 

types via negative PV advection at the level of the dynamic tropopause. During polar dominant 123 

events, however, these two processes are located well downstream of the location of jet 124 

superposition and do not directly influence the formation of a steep, single-step tropopause 125 

structure (Winters et al. 2020; their Fig. 6). The presence of descent beneath the jet-entrance 126 

region at the time of jet superposition is a similarity across all jet superposition event types (Figs. 127 

2a,c,e). This descent facilitates positive PV advection in the vicinity of the tropopause height 128 

minimum (Figs. 2b,d,f), and contributes to the formation of a steep, single-step tropopause 129 

structure during all event types via the downward advection of high-PV stratospheric air. 130 

Considered together, the influence of vertical motion during the production of each jet 131 

superposition event type motivates further investigation into the dynamical processes responsible 132 

for the production of vertical motion during jet superpositions.  133 

 Of particular interest is a desire to determine the relative influence that polar cyclonic and 134 

tropical anticyclonic PV anomalies have on the production of vertical motion during each event 135 

type. A PV framework provides an effective approach for such an investigation. Namely, 136 
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knowledge of the PV distribution, suitable balance and boundary conditions, and a reference 137 

temperature profile permit a calculation of the mass and wind fields attributable to that PV 138 

distribution using PV inversion (e.g., Hoskins et al. 1985, pp. 883–885; Thorpe 1985; Robinson 139 

1988; Holopainen and Kaurola 1991; Davis and Emanuel 1991). In turn, the vertical motion 140 

pattern associated with the calculated mass and wind fields can be determined using an 𝜔-141 

equation that is consistent with the balance condition used to perform the aforementioned PV 142 

inversion. The application of PV inversion has shown considerable utility for investigating a 143 

variety of characteristics of the atmospheric flow pattern, such as flow in the middle atmosphere 144 

(e.g., Robinson 1988), the planetary-scale tropospheric flow (e.g., Holopainen and Kaurola 145 

1991), surface cyclogenesis (e.g., Davis and Emanuel 1991; Black and Dole 1993; Hakim et al. 146 

1996; Nielsen-Gammon and Lefevre 1996), tropopause folding (e.g., Wandishin et al. 2000), and 147 

upper-tropospheric blocking events (e.g., Breeden and Martin 2018, 2019). 148 

 The proposed application of PV inversion in this study is similar to that employed by 149 

Winters and Martin (2017) for a jet superposition event that coincided with the 18–20 December 150 

2009 Mid-Atlantic Blizzard. In that case, Winters and Martin (2017) determined that the three-151 

dimensional divergent circulation induced by PV anomalies residing along the polar jet 152 

waveguide contributed more to the formation of a steep, single-step structure than the three-153 

dimensional divergent circulation induced by PV anomalies residing along the subtropical jet 154 

waveguide. While only applicable to a single jet superposition event, the results from Winters 155 

and Martin (2017) provide a foundation from which to examine whether a similar conclusion can 156 

be drawn for each jet superposition event type and across a large number of cases. 157 

 The configuration of the 500-hPa vertical motion pattern in the vicinity of jet 158 

superpositions at the time of jet superposition also differs across the three event types (Figs. 159 
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2a,c,e), which suggests that the dynamical mechanisms responsible for the production of vertical 160 

motion may vary based on the event type. In particular, the vertical motion pattern features 161 

cellular structures during polar dominant events, whereas the vertical motion pattern features 162 

banded structures that parallel the jet axis during both subtropical dominant event types. The Q 163 

vector (e.g., Hoskins et al. 1978; Hoskins and Pedder 1980), and its partition into an along-164 

isotherm (Qs) and an across-isotherm (Qn) component (e.g., Keyser et al. 1988, 1992; Sanders 165 

and Hoskins 1990; Martin 1999, 2006, 2014; Hecht and Cordeira 2017; Kenyon et al. 2020), 166 

provides a diagnostic framework for examining the vertical motion pattern in the vicinity of jet 167 

superpositions. In this framework, the divergence of Qs is characterized by a cellular pattern and 168 

represents quasigeostrophic (QG) forcing for vertical motion associated with synoptic-scale 169 

waves (e.g., Sanders and Hoskins 1990; their Fig. 4). The divergence of Qn is characterized by a 170 

banded pattern that parallels areas of enhanced baroclinicity and represents QG forcing for 171 

vertical motion associated with frontal circulations in the vicinity of the jet (e.g., Sanders and 172 

Hoskins 1990; their Figs. 5 and 6).  173 

 It is hypothesized that the cellular structure of the vertical motion pattern observed during 174 

polar dominant events (Fig. 2a) is driven predominantly by the presence of an amplified upper-175 

tropospheric flow pattern. Conversely, the banded structure of vertical motion during both 176 

subtropical dominant event types (Figs. 2c,e) suggests that across-front ageostrophic circulations 177 

arising due to frontogenesis make a comparatively larger contribution to the vertical motion 178 

pattern during both subtropical dominant event types compared to polar dominant events. A 179 

determination of the extent to which vertical motion in the near-jet environment can be attributed 180 

to frontal circulations is also of interest given that the development of anomalously strong 181 

baroclinicity is a leading characteristic of jet superpositions. 182 
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 The forthcoming study expands upon prior work into the production of vertical motion in 183 

the vicinity of upper-level jet-front systems (e.g., Schultz and Doswell 1999; Lang and Martin 184 

2010, 2012, 2013; Martin 2014) by investigating the processes that facilitate the formation of a 185 

steep, single-step tropopause structure across a large sample of jet superposition events. The 186 

remainder of this study is structured as follows. Section 2 summarizes the jet superposition event 187 

classification scheme developed by Winters et al. (2020). Section 3 determines the fraction of the 188 

vertical motion pattern during each jet superposition event type that can be attributed to polar 189 

cyclonic and tropical anticyclonic PV anomalies. Section 4 investigates the extent to which the 190 

vertical motion pattern during each event type is associated with the divergence of the along-191 

isotherm and across-isotherm components of the Q vector, and section 5 summarizes the results 192 

of this study. 193 

 194 

2.  Jet superposition event identification and classification 195 

 This study utilizes data at 6-h intervals from the CFSR (Saha et al. 2010) with 0.5° 196 

horizontal grid spacing and 50-hPa vertical grid spacing between 1000 and 50 hPa during 197 

November–March 1979–2010. This study also utilizes 326 North American jet superposition 198 

events identified by Winters et al. (2020) in the CFSR during the same time period. Jet 199 

superpositions are identified in Winters et al. (2020) as those grid columns in the CFSR that 200 

feature (a) a strong horizontal PV gradient within both the 315–330-K and 340–355-K layers 201 

(i.e., representing the formation of a steep, single-step tropopause structure) and (b) a 400–100-202 

hPa vertically integrated wind speed in excess of 30 m s–1. North American jet superposition 203 

events are identified as those analysis times that rank in the top 10% in terms of the number of 204 

grid columns characterized by a jet superposition within the domain, 10–80°N and 140–50°W. 205 
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For further detail on the jet superposition identification scheme and the procedures used to 206 

compile jet superposition events, the reader is referred to Winters et al. (2020; section 2a). The 207 

methods used to classify jet superposition events into event types are identical to Winters et al. 208 

(2020) and are reproduced below given their relevance to this study. The forthcoming text 209 

describing these methods is derived from Winters et al. (2020) with minor modifications. 210 

a. Jet superposition event classification scheme 211 

 The location of each jet superposition event in Winters et al. (2020) is described by a 212 

latitude–longitude centroid that is calculated from an average of the latitude and longitude of all 213 

grid columns characterized by a jet superposition at the time the polar and subtropical jets first 214 

become superposed. The locations of the event centroids are subsequently used to classify events 215 

into event types based on the degree to which the polar and subtropical jets deviate from their 216 

respective climatological locations to form a jet superposition. The climatological location of the 217 

polar jet waveguide at an analysis time (e.g., 0000 UTC 1 January) is calculated by averaging the 218 

position of the 2-PVU contour on the 320-K surface at 24-h intervals within a 21-day window 219 

centered on that analysis time during all years of the study period. The climatological position of 220 

the subtropical jet waveguide is determined similarly using the 350-K surface. 221 

 The event classification scheme compares the position of each event centroid against the 222 

climatological locations of the polar and subtropical jet waveguides at the start of an event. 223 

“Polar dominant” events (N=80; Fig. 3a) are defined as those events in which an observation of 2 224 

PVU at the location of the event centroid represents a standardized PV anomaly > 0.5 on the 225 

320-K surface and a standardized PV anomaly > –0.5 on the 350-K surface. “Subtropical 226 

dominant” events (N=129; Fig. 3b) are defined as those events in which an observation of 2 PVU 227 

at the location of the event centroid represents a standardized PV anomaly < 0.5 on the 320-K 228 
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surface and a standardized PV anomaly < –0.5 on the 350-K surface. 229 

 Since subtropical dominant events are primarily focused on the eastern or western coast 230 

of North America (Winters et al. 2020; their Fig. 4c), subtropical dominant events are partitioned 231 

into an “eastern” (N=76) and a “western” category (N=53) based off the position of each event 232 

centroid relative to 96°W. The 117 events not classified as polar or subtropical dominant events 233 

are classified as “hybrid” events and represent a mutual deviation of both jets from their 234 

climatological locations. The focus of this study is to examine the vertical motion patterns 235 

associated with polar dominant and subtropical dominant events, given that these events lie at 236 

opposite ends of the spectrum of the types of PV anomaly interactions that comprise jet 237 

superpositions. Consequently, hybrid events will not be considered in this study. Composite 238 

analyses are constructed for polar dominant, eastern subtropical dominant, and western 239 

subtropical dominant events within the domain, 10–80°N and 150°E–10°W, following the 240 

methodology outlined in Winters et al. (2020; section 4), and a gaussian smoother is applied to 241 

all composite variables prior to performing the calculations described in sections 3 and 4. 242 

 243 

3.  The influence of polar cyclonic and tropical anticyclonic PV anomalies 244 

a. QGPV inversion 245 

 This study adopts a QG approach, which defines the QGPV (𝑞) associated with each jet 246 

superposition event type via the following equation (e.g., Charney and Stern 1962; Hoskins et al. 247 

1985, pp. 911–915): 248 

                                                 𝑞 = 𝑓 +	 '
()
𝛻+𝜙 + 𝑓-

.
./
0 '
12

.3

./
4,                                              (1) 249 

where 𝑓 is the latitudinally-varying Coriolis parameter, 𝑓- is a constant Coriolis parameter (10–4 250 

s–1), and  ∇+	= ( .
7

.87
, .

7

:;7
) is the two-dimensional Laplacian operator on an isobaric surface. The 251 
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static stability coefficient [𝜎> =– (α> Θ>⁄ )(𝜕Θ>/𝜕𝑝)] is horizontally homogenous, where α> and 252 

Θ> are the specific volume and potential temperature, respectively, on an isobaric surface within 253 

an arbitrary reference atmosphere. The reference atmosphere is chosen to be the U.S. Standard 254 

Atmosphere in this study, and 𝜙 is defined as the difference between the composite geopotential 255 

(Φ) associated with a particular jet superposition event type and the reference geopotential (Φ>), 256 

such that 𝜙 = Φ− Φ>.  257 

 Although individual jet superposition events can be characterized by Rossby numbers of 258 

order 1 (Winters and Martin 2014, 2016, 2017), useful information can be obtained from QGPV 259 

inversion, so long as the QGPV distribution agrees qualitatively with the structure of the full 260 

Ertel PV (e.g., Davis 1992b; Hakim et al. 1996). To this point, Figs. 4a–c reveal that the 261 

distributions of 300-hPa QGPV [scaled by −𝑔(𝜕Θ>/𝜕𝑝)] and 300-hPa Ertel PV are strongly 262 

correlated1 and qualitatively similar across all event type composites at the time of jet 263 

superposition. Prior applications of QGPV inversion to the synoptic-scale flow pattern (e.g., 264 

Holopainen and Kaurola 1991; Black and Dole 1993; Hakim et al. 1996; Nielsen-Gammon and 265 

Lefevre 1996; Wandishin et al. 2000; Breeden and Martin 2018, 2019) provide additional 266 

confidence in the utility of QGPV inversion for investigating jet superposition environments. 267 

 The QGPV (𝑞) distribution can be partitioned into a mean QGPV (𝑞I) and an additional 268 

𝑛 discrete categories that group together subsets of the perturbation QGPV (𝑞′) that are of similar 269 

origin or dynamical significance, such that 𝑞 = 	𝑞I + 𝑞L = 𝑞I + ∑ 𝑞N′O
NP' . Table 1 lists the 270 

criteria used to partition the QGPV distribution during polar dominant, eastern subtropical 271 

dominant, and western subtropical dominant events. The mean QGPV (𝑞I) is determined for 272 

each event type by constructing a composite of the climatological mean geopotential (ΦI) on all 273 

                                                
1 Correlations between the QGPV and Ertel PV are greater than 0.95 on each isobaric level.  
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calendar days for which a jet superposition was observed for that event type. The difference 274 

between the composite climatological mean geopotential and the reference geopotential (𝜙I =275 

ΦI − Φ>)	is substituted into (1) to calculate 𝑞I for each event type as: 276 

                                                 𝑞I = 𝑓 +	 '
()
𝛻+𝜙I + 𝑓-

.
./
0 '
12

.3Q
./
4.                                (2)                                 277 

 The perturbation QGPV (𝑞′) for each event type is calculated as the difference between 𝑞 278 

and 𝑞I, and is partitioned into four categories: (1) polar cyclonic QGPV anomalies, (2) tropical 279 

anticyclonic QGPV anomalies, (3) residual QGPV anomalies, and (4) lower-tropospheric QGPV 280 

anomalies. Polar cyclonic QGPV anomalies (𝑞R;R) are defined as QGPV anomalies in the near-281 

jet environment (specified in the Table 1 caption) within the 700–150-hPa layer with a value ≥ 4 282 

× 10–5 s–1. Tropical anticyclonic QGPV anomalies (𝑞UOV) are defined as QGPV anomalies in the 283 

near-jet environment within the 700–150-hPa layer with a value ≤ –4 × 10–5 s–1. Residual 284 

QGPV anomalies (𝑞>XY) are defined as all QGPV anomalies in the 700–50-hPa layer, excluding 285 

𝑞R;R and 𝑞UOV. Physically, 𝑞>XY describes the background upper-tropospheric flow pattern within 286 

which the polar and subtropical jets superpose, and includes the influence of circulations induced 287 

by upper-tropospheric ridges upstream and downstream of the jet superposition (e.g., Fig. 2a). 288 

Lower-tropospheric QGPV anomalies (𝑞ZV) are defined as all QGPV anomalies within the 1000–289 

750-hPa layer, and include the circulations induced by surface cyclones and anticyclones. A 290 

distribution of upper-tropospheric QGPV anomalies at the time of superposition for each event 291 

type, and an illustration of how those anomalies are partitioned into the categories described 292 

above, is shown in Figs. 5a–c. In particular, note that the juxtaposition of 𝑞R;R and 𝑞UOV in Figs. 293 

5a–c resembles the juxtaposition of PV anomalies within the conceptual model shown in Fig. 1a. 294 

Each of the four categories of perturbation QGPV (𝑞N′)	are inverted using successive 295 

over-relaxation using a relaxation factor of 1.8 to determine the perturbation geopotential (𝜙NL) 296 
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attributed to each category of QGPV based on the relationship:  297 

																																																													𝑞N′ = 	
'
()
𝛻+𝜙NL + 𝑓-

.
./
0 '
12

.3[
\

./
4.                                    (3) 298 

Motivated by the discussion in Hakim et al. (1996, pp. 2182–2187), we adopt homogeneous 299 

Dirichlet boundary conditions when inverting (3) for each category of the perturbation QGPV 300 

within the same domain used to construct the event composites. The boundary conditions used to 301 

invert each category of the perturbation QGPV distribution are listed in the rightmost column of 302 

Table 1. The boundary conditions and linear differential operator in (1), (2), and (3) ensure that 303 

𝜙 =	𝜙I + ∑ 𝜙NLO
NP' . 304 

 Under adiabatic and frictionless conditions, the Q vector is defined as the temporal rate of 305 

change of the horizontal temperature gradient following the geostrophic wind (e.g., Hoskins et 306 

al. 1978; Hoskins and Pedder 1980). To determine the vertical motion pattern associated with 307 

each category of QGPV during an event type, a distribution of Q vectors is calculated in 308 

association with each category of QGPV according to (4): 309 

																																								𝑸 =– ^
/
_0.𝑽𝒈

.8
∙ ∇𝑇4 , 0.𝑽𝒈

.;
∙ ∇𝑇4d.                        (4) 310 

In (4), the geostrophic wind is defined as 𝑽𝒈 =	– (1/𝑓-)(𝑘g × ∇𝜙), 𝑅 is the gas constant for dry 311 

air, 𝑇 is the composite temperature field, and 𝑝 is the pressure. Note that within the expression 312 

for the geostrophic wind, 𝜙I or 𝜙NL can be substituted for 𝜙 to calculate the geostrophic wind 313 

associated with each category of QGPV, such that 𝑽𝒈 = 𝑽𝒈𝒎 + ∑ 𝑽𝒈𝒊LO
NP' . At this juncture, the 314 

composite temperature field is not partitioned in the calculation of Q vectors associated with 315 

each category of QGPV, but will be partitioned in section 3c.  316 

 The divergence of Q associated with each category of QGPV is substituted independently 317 

into the right-hand side of the QG-𝜔 equation (5) to calculate the QG vertical motion associated 318 
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with each category of QGPV: 319 

																																											𝜎>∇+𝜔U + 𝑓-+
.7kl
./7

=–2∇ ∙ 𝑸                                (5) 320 

where the full adiabatic contribution to the QG vertical motion (𝜔U) is equal to the sum of the 321 

vertical motion associated with the mean QGPV and each category of perturbation QGPV, such 322 

that 𝜔U = 𝜔I + ∑ 𝜔NLO
NP' . An inversion of (5) for each category of QGPV is performed using 323 

successive over-relaxation with a relaxation factor of 1.8 in the same domain used to construct 324 

the event composites. In all inversions of (5), 𝜔U is set to 0 on the lateral and horizontal 325 

boundaries of the domain. A physical interpretation of (4) and (5) reveals that the QG vertical 326 

motion that corresponds to a particular category of QGPV is associated with changes in the 327 

orientation and magnitude of the composite horizontal temperature gradient that are effected by 328 

the geostrophic wind induced by that particular category of QGPV. 329 

 Based on the established influence of diabatic heating on the development of jet 330 

superposition events (e.g., Winters and Martin 2016, 2017; Winters et al. 2020), the diabatic 331 

contribution to the QG vertical motion (𝜔:) is determined via the version of the QG-𝜔 equation 332 

shown below: 333 

																																									𝜎>∇+𝜔: + 𝑓-+
.7kn
./7

= − ^
Ro/

∇+J                               (6) 334 

where the diabatic heating rate (𝐽) is calculated using the composite 3-h average diabatic 335 

temperature tendency output from the CFSR during a particular event type. An inversion of (6) 336 

for 𝜔: is performed in the same manner as (5), and the sum of the adiabatic and diabatic 337 

contributions to the QG vertical motion returns the full QG vertical motion (𝜔), such that 𝜔 =338 

𝜔U +	𝜔:. 339 

b. Vertical motion associated with each category of QGPV   340 

 The 500-hPa QG 𝜔 patterns at the time of jet superposition for polar dominant, eastern 341 
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subtropical dominant, and western subtropical dominant events are shown in Figs. 6a, 7a, and 8a, 342 

respectively, and are qualitatively similar to the composite vertical motion patterns associated 343 

with each event type (Figs. 2a,c,e). Figures 6a–c reveal that the contribution from 𝜔U to the 500-344 

hPa QG 𝜔 pattern during polar dominant events is larger than 𝜔:. Therefore, adiabatic processes 345 

account for a majority of the 500-hPa QG 𝜔 pattern observed during polar dominant events. 346 

Figures 6b,d further reveal that the largest fraction of the 500-hPa QG 𝜔U pattern is attributed to 347 

the geostrophic wind induced by polar cyclonic QGPV anomalies (𝑽𝒄𝒚𝒄). A minor contribution 348 

to the 500-hPa QG 𝜔U pattern upstream and downstream of polar dominant jet superpositions is 349 

associated with the geostrophic wind induced by residual QGPV anomalies (𝑽𝒓𝒆𝒔). This minor 350 

contribution from 𝑽𝒓𝒆𝒔 highlights the influence of upper-tropospheric ridges upstream and 351 

downstream of the jet superposition (Fig. 2a) on the development of QG vertical motion within 352 

the near-jet environment. 353 

 The 500-hPa QG 𝜔 pattern during eastern subtropical dominant events (Fig. 7a) implies 354 

that QG descent upstream of the jet superposition is predominantly associated with 𝜔U (Figs. 7a–355 

c), and that the largest fraction of 𝜔U descent is attributed to 𝑽𝒄𝒚𝒄 (Figs. 7b,d). Additional 356 

contributions to 𝜔U descent in the vicinity of eastern subtropical dominant events are associated 357 

with 𝑽𝒓𝒆𝒔 and the geostrophic wind induced by lower-tropospheric QGPV anomalies (𝑽𝒍𝒕) (Figs. 358 

7b,d). Downstream of the jet superposition, the geostrophic wind induced by each category of 359 

perturbation QGPV contributes to varying degrees to a broad area of 𝜔U ascent over southeastern 360 

Canada, with the largest contribution to 𝜔U	ascent immediately downstream of the jet 361 

superposition associated with 𝑽𝒄𝒚𝒄 (Figs. 7b,d). As for polar dominant events, 𝜔U accounts for a 362 

larger fraction of QG ascent during eastern subtropical dominant events compared to 𝜔: (Figs. 363 

7a–c). The distribution of 𝜔: is nonnegligible, however, and is characterized by a linear band of 364 
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ascent that extends along the east coast of North America on the equatorward side of the jet (Fig. 365 

7c). 366 

 The 500-hPa QG 𝜔 pattern during western subtropical dominant events (Figs. 8a–c) is 367 

dominated by 𝜔U, with the largest fraction of the 𝜔U pattern associated with 𝑽𝒄𝒚𝒄 (Fig. 8b,d). 368 

Therefore, polar cyclonic QGPV anomalies are associated with a large majority of the 500-hPa 369 

QG 𝜔 patterns diagnosed in the vicinity of every jet superposition event type. This observation 370 

implies that the QG vertical motion induced by 𝑽𝒄𝒚𝒄 is dominant in vertically restructuring the 371 

tropopause in the vicinity of jet superpositions compared to the vertical motion associated with 372 

all other categories of QGPV. As observed during eastern subtropical dominant events, a minor 373 

contribution to 𝜔U descent during western subtropical dominant events is associated with 𝑽𝒍𝒕 374 

(Figs. 7d and 8d). The vertical motion associated with lower-tropospheric QGPV anomalies 375 

during eastern and western subtropical dominant events is indicative of the potential for the 376 

tropospheric-deep circulations induced by surface cyclones (refer to Winters et al. 2020; their 377 

Figs. 8i and 11i) to have a relatively stronger influence in vertically restructuring the tropopause 378 

during eastern and western subtropical dominant events compared to polar dominant events. QG 379 

ascent far downstream of western subtropical dominant jet superpositions is associated with 𝑽𝒓𝒆𝒔 380 

(Fig. 8d), which highlights the impact of a downstream upper-tropospheric ridge (Fig. 2e) on 381 

forcing QG ascent during this event type.  382 

 Notably, the geostrophic wind induced by tropical anticyclonic QGPV anomalies (𝑽𝒂𝒏𝒕) 383 

is not associated with a substantial contribution to the 𝜔U pattern during western subtropical 384 

dominant events (Fig. 8d), whereas 𝑽𝒂𝒏𝒕 is associated with a more substantial contribution to the 385 

𝜔U pattern during eastern subtropical dominant events (Fig. 7d). The larger contribution to the 386 

𝜔U pattern from 𝑽𝒂𝒏𝒕 during eastern subtropical dominant events is partly attributed to the 387 
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stronger anticyclonic curvature of the perturbation upper-tropospheric ridge that characterizes 388 

eastern subtropical dominant compared to western subtropical dominant events (compare Figs. 389 

2c,e). This stronger anticyclonic curvature subsequently contributes to the zonally oriented 390 

couplet of ascent and descent associated with 𝑽𝒂𝒏𝒕 that is centered near 50°W during eastern 391 

subtropical dominant events (Fig. 7d). The stronger perturbation upper-tropospheric ridge during 392 

eastern compared to western subtropical dominant events also reflects the more pronounced 393 

effects of diabatic heating during eastern subtropical dominant events given the proximity of 394 

those events to the warm sea-surface temperatures of the Gulf Stream (not shown). 395 

 c. Vertical motion associated with interactions between categories of QGPV 396 

 The perturbation geopotential (𝜙NL) that characterizes each category of perturbation 397 

QGPV is associated with a perturbation temperature (𝑇N′) that can be determined via the 398 

hydrostatic relationship (𝜕𝜙NL/𝜕𝑝 = −𝑅𝑇N′/𝑝), such that 𝑇 =	𝑇> + 𝑇I + ∑ 𝑇N′O
NP'  . In the latter 399 

equation,	𝑇> represents the reference temperature on an isobaric surface and 𝑇I represents the 400 

composite climatological mean temperature on those calendar days that feature a jet 401 

superposition for a particular event type after the reference temperature has been removed. The 402 

geostrophic wind and temperature associated with each category of QGPV can be substituted 403 

into (4) in a variety of combinations to calculate distributions of Q vectors that result from 404 

interactions between the geostrophic wind induced by a particular category of QGPV and the 405 

baroclinicity associated with another category of QGPV. Therefore, the forthcoming analysis of 406 

interaction terms expands upon the results presented in section 3b by providing a measure of the 407 

degree to which interactions between QGPV anomalies contribute to the development QG 408 

vertical motion within the near-jet environment. 409 

 The aforementioned partition of the geopotential and temperature fields results in a total 410 
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of 25 possible interaction terms. Namely, there are five geostrophic wind fields that correspond 411 

to the mean QGPV and the four categories of perturbation QGPV (e.g., the rows in Figs. 10 and 412 

11), and these five geostrophic wind fields can interact with five temperature fields that 413 

correspond to the mean QGPV and the four categories of perturbation QGPV (e.g., the columns 414 

in Figs. 10 and 11). The divergence of Q associated with each interaction term can be substituted 415 

into the right-hand side of (5) and inverted to determine the QG vertical motion associated with 416 

each interaction term, such that the QG vertical motion associated with all 25 interaction terms 417 

sum to 𝜔U during a particular event type (e.g., Figs. 6b, 7b, and 8b). The QG vertical motion 418 

associated with interactions between the geostrophic wind induced by a single category of 419 

QGPV (e.g., 𝑽𝒄𝒚𝒄) and all five temperature fields during a particular event type sum to the QG 420 

vertical motion associated with that geostrophic wind field in Figs. 6d, 7d, or 8d (e.g., the blue 421 

contours in Figs. 6d, 7d, or 8d for polar cyclonic QGPV anomalies). 422 

 Physically, the QG vertical motion attributed to each interaction term corresponds to 423 

changes in the orientation and magnitude of the horizontal temperature gradient associated with a 424 

particular category of QGPV that are effected by the geostrophic wind induced by another 425 

category of QGPV. For example, the QG vertical motion attributed to the interaction between 426 

𝑽𝒄𝒚𝒄 and 𝑇I during polar dominant events corresponds to changes in the orientation and 427 

magnitude of the mean temperature gradient that are accomplished by the geostrophic wind 428 

induced by polar cyclonic QGPV anomalies (e.g., Fig. 9a). Similarly, an interaction between 429 

𝑽𝒄𝒚𝒄 and 𝑇UOV during eastern subtropical dominant events corresponds to changes in the 430 

orientation and magnitude of the perturbation temperature gradient attributed to tropical 431 

anticyclonic QGPV anomalies that are accomplished by the geostrophic wind induced by polar 432 

cyclonic QGPV anomalies (e.g., Fig. 9b). In both examples shown in Fig. 9, it can be inferred 433 
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that 𝑽𝒄𝒚𝒄 facilitates a local maximum in geostrophic warm-air advection in areas of QG ascent, 434 

and a local maximum in geostrophic cold-air advection in areas of QG descent, which provides 435 

further context for the development of QG vertical motion associated with each interaction term. 436 

 Figure 10 shows the percentage of 500-hPa 𝜔U descent associated with all 25 interaction 437 

terms at the location of maximum 𝜔U descent (red X’s in Figs. 6–8) during polar dominant, 438 

eastern subtropical dominant, and western subtropical dominant events. All percentages shown 439 

in Fig. 10 are calculated by dividing the 500-hPa QG vertical motion associated with a particular 440 

interaction term by 𝜔U at the location of the red X in its corresponding event type (i.e., Figs. 6b, 441 

7b, 8b). This fraction is then multiplied by 100 to determine the percentage of 𝜔U associated with 442 

that particular interaction term. Consistent with the results discussed in Figs. 6–8, Fig. 10 443 

indicates that the largest fraction of 𝜔U descent is associated with 𝑽𝒄𝒚𝒄 for all event types. More 444 

specifically, Fig. 10 reveals that the interactions between 𝑽𝒄𝒚𝒄 and 𝑇I, and 𝑽𝒄𝒚𝒄 and 𝑇R;R, 445 

dominate the production of 𝜔U descent across all event types. 446 

 The 𝜔U descent pattern during eastern and western subtropical dominant events also 447 

features a substantial contribution from the interaction between 𝑽𝒄𝒚𝒄 and 𝑇UOV. The relative 448 

importance of this interaction term during subtropical dominant events is due to the larger 449 

magnitude of tropical anticyclonic QGPV anomalies during both subtropical dominant event 450 

types compared to polar dominant events (i.e., note that the magnitude of geopotential height 451 

anomalies on the equatorward side of the superposed jet in Figs. 2a,c,e is larger for both types of 452 

subtropical dominant events compared to polar dominant events). Consequently, tropical 453 

anticyclonic QGPV anomalies contribute more substantially during subtropical dominant events 454 

compared to polar dominant events to the structure of the composite horizontal temperature 455 

gradient. Figure 10 also identifies a nonnegligible contribution to 𝜔U descent across all event 456 
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types from the interaction between 𝑽𝒍𝒕 and 𝑇I. This result highlights the influence of surface 457 

cyclones (refer to Winters et al. 2020; their Figs. 5i, 8i, and 11i) on the structure of the mean 458 

upper-tropospheric flow pattern (e.g., Hoskins et al. 1985, pp 928–930; Davis and Emanuel 459 

1991; Davis 1992a; Nielsen-Gammon and Lefevre 1996; Winters and Martin 2017). 460 

 The fraction of 500-hPa 𝜔U ascent attributed to each interaction term at the location of 461 

maximum 𝜔U ascent (orange X’s in Figs. 6b, 7b, and 8b) is shown in Fig. 11 for each event type. 462 

During polar dominant events, the largest fraction of 𝜔U ascent downstream of the jet 463 

superposition is associated with interactions between 𝑽𝒄𝒚𝒄 and 𝑇I, and 𝑽𝒄𝒚𝒄 and 𝑇R;R. This result 464 

is analogous to that found for 𝜔U descent during polar dominant events (Fig. 10), and solidifies 465 

the observation that the QG vertical motion pattern during polar dominant events is 466 

predominantly fostered by the presence of a strong polar cyclonic QGPV anomaly on the 467 

poleward side of the jet and its attendant baroclinicity. 468 

 The location of maximum 𝜔U ascent during eastern subtropical dominant events is 469 

displaced farther downstream of the location of jet superposition compared to polar dominant 470 

events (compare Fig. 7b with Fig. 6b). Consequently, the contribution to 𝜔U ascent from 𝑽𝒄𝒚𝒄 is 471 

minimal at this location for eastern subtropical dominant events (Fig. 11). The selection of a grid 472 

point closer to the location of jet superposition during eastern subtropical dominant events, 473 

however, reveals that 𝑽𝒄𝒚𝒄 dominates the production of 𝜔U ascent in the immediate vicinity of 474 

the jet superposition (not shown). Nevertheless, Fig. 11 demonstrates that in locations farther 475 

downstream of the jet superposition, the largest fraction of 𝜔U ascent is associated with the 476 

interactions between 𝑽𝒂𝒏𝒕 and 𝑇I, 𝑽𝒍𝒕 and 𝑇I, and 𝑽𝒓𝒆𝒔 and 𝑇I. The interactions between 𝑽𝒂𝒏𝒕 477 

and 𝑇I, and 𝑽𝒓𝒆𝒔 and 𝑇I highlight the combined influence of perturbation upper-tropospheric 478 

ridges within the near-jet environment, and their separate interactions with the mean temperature 479 
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gradient, on the production of 𝜔U ascent. Similarly, the interaction between 𝑽𝒍𝒕 and 𝑇I 480 

highlights the influence of a surface cyclone (refer to Winters et al. 2020; their Fig. 8i), and its 481 

interaction with the mean temperature gradient, on the production of 𝜔U ascent. Notably, the 482 

interactions between 𝑽𝒂𝒏𝒕 and 𝑇UOV, and 𝑽𝒓𝒆𝒔 and 𝑇UOV, also contribute a nonnegligible amount to 483 

QG vertical motion at the location of maximum 𝜔U ascent. This result reveals an important 484 

contribution to the production of 𝜔U ascent during eastern subtropical dominant events that 485 

results from the interactions between perturbation upper-tropospheric ridges within the near-jet 486 

environment and the baroclinicity attributed to tropical anticyclonic QGPV anomalies (Fig. 11). 487 

 As observed during polar dominant events, western subtropical dominant events feature 488 

large contributions to 500-hPa 𝜔U ascent from 𝑽𝒄𝒚𝒄 (Fig. 11), given that the location of 489 

maximum 𝜔U ascent resides in close proximity to the jet superposition (Fig. 8b). In particular, 490 

Fig. 11 shows substantial contributions to 𝜔U ascent from 𝑽𝒄𝒚𝒄 and its separate interactions with 491 

𝑇I, 𝑇R;R, and 𝑇UOV. This result reveals that the total tropospheric baroclinicity in the vicinity of 492 

western subtropical dominant jet superpositions results from the presence of both strong polar 493 

cyclonic and tropical anticyclonic QGPV anomalies in the near-jet environment, with a minor 494 

contribution from the mean temperature field. Nevertheless, 𝑽𝒄𝒚𝒄 is the primary circulation that 495 

interacts with the strong baroclinicity assembled in the vicinity of western subtropical dominant 496 

jet superpositions to produce 𝜔U ascent. 497 

 To summarize, the QG vertical motion pattern during polar dominant events is 498 

predominantly attributed to the geostrophic wind induced by polar cyclonic QGPV anomalies 499 

and its interaction with the baroclinicity induced by polar cyclonic QGPV anomalies and the 500 

mean QGPV. The influence of polar cyclonic QGPV anomalies on the production of QG vertical 501 

motion is also substantial during eastern and western subtropical dominant events, however, 502 
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tropical anticyclonic QGPV anomalies, lower tropospheric QGPV anomalies (i.e., surface 503 

cyclones), and residual QGPV anomalies (i.e., flanking upper-tropospheric ridges) make 504 

relatively larger contributions to the QG vertical motion pattern via their induced geostrophic 505 

winds and/or via their contributions to the tropospheric baroclinicity during both types of 506 

subtropical dominant events compared to polar dominant events. Consequently, the QG vertical 507 

motion patterns during both types of subtropical dominant events are more complex than those 508 

observed during polar dominant events, and are dependent on the nuanced configuration of 509 

upper- and lower-tropospheric QGPV anomalies that reside within the near-jet environment. 510 

 511 

4.  Along- and across-isotherm vertical motion in the vicinity of jet superpositions  512 

 The character of QG vertical motion in the vicinity of jet superpositions can be further 513 

evaluated by partitioning the Q vector into an along-isotherm (Qs) and an across-isotherm (Qn) 514 

component. This partition of Q is performed within a left-hand coordinate system2 following 515 

Martin (1999, 2006, 2014) in which the unit vector, s, is aligned in the along-isotherm direction 516 

[(𝑘g × ∇𝑇)/|∇𝑇|], and the unit vector, n, is directed 90° clockwise of s and points towards 517 

warmer air (∇𝑇/|∇𝑇|). The along-isotherm and across-isotherm components of Q are defined in 518 

this coordinate system as: 519 

																																																								𝑸𝒔 = _𝑸∙(|
g×∇})
|∇}|

d (|
g×∇})
|∇}|

                                       (7a) 520 

																																																														𝑸𝒏 = _𝑸∙∇}
|∇}|

d ∇}
|∇}|

                                            (7b) 521 

where Q = Qs + Qn. Equations 7a and 7b indicate that changes in the orientation of the horizontal 522 

                                                
2 Note that these conventions differ from those utilized by Keyser et al. (1992), who partition Q using a right-hand 
coordinate system. These different conventions do not alter the physical interpretation of the along-isotherm and 
across-isotherm components of Q. 
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temperature gradient following the geostrophic wind are diagnosed by Qs, whereas changes in 523 

the magnitude of the horizontal temperature gradient following the geostrophic wind are 524 

diagnosed by Qn (e.g., Keyser et al. 1988, 1992; Martin 2006, their Fig. 2).  525 

 The divergence of Qs and Qn can be separately substituted into the right-hand side of (5) 526 

to calculate the along-isotherm component of the vertical motion (𝜔Y) and the across-isotherm 527 

component of the vertical motion (𝜔O), such that 𝜔U = 𝜔Y + 𝜔O. As previously discussed, 𝜔Y 528 

corresponds to the vertical motion associated with synoptic-scale waves, while 𝜔O corresponds 529 

to the vertical motion associated with frontal circulations in the vicinity of the jet. Therefore, this 530 

partition of the Q vector provides insight into the extent to which QG vertical motions within the 531 

near-jet environment are associated with an amplified upper-tropospheric flow pattern (i.e., 𝜔Y) 532 

or frontal circulations that result from the formation of strong baroclinicity in the vicinity of the 533 

superposed jet (i.e., 𝜔O). 534 

 The 𝜔Y	and 𝜔O patterns associated with polar dominant events are shown in Fig. 12a. The 535 

𝜔Y pattern features a dipole centered on the location of jet superposition, with QG ascent situated 536 

downstream of the jet superposition and QG descent situated upstream. This dipole is consistent 537 

with the presence of an amplified upper-tropospheric trough on the poleward side of the jet (Fig. 538 

2a; e.g., Hoskins and Sanders 1990, their Fig. 4). The 𝜔O pattern exhibits a quadrupole structure, 539 

with a thermally direct circulation beneath the confluent jet-entrance region and a thermally 540 

indirect circulation beneath the diffluent jet-exit region (Figs. 12a and 2a). This quadrupole 541 

structure is consistent with the idealized QG vertical motion patterns anticipated in the vicinity of 542 

jets (e.g., Uccellini et al. 1987, their Fig. 3; Hoskins and Sanders 1990, their Figs. 5 and 6).  543 

 Consideration of the 𝜔Y and 𝜔O patterns during polar dominant events indicates that 𝜔Y is 544 

larger in magnitude than 𝜔O (Fig. 12a). Nevertheless, both 𝜔Y and 𝜔O contribute to QG descent 545 
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upstream of the jet superposition and QG ascent downstream of the jet superposition (Figs. 12a). 546 

A cross section upstream of the jet superposition confirms that 𝜔Y contributes a larger amount to 547 

QG descent beneath and on the poleward side of the tropopause height minimum compared to 548 

𝜔O (Fig. 12b). The 𝜔Y and 𝜔O descent maxima are both located in close proximity to the 549 

tropopause height minimum, however, which suggests that 𝜔Y and 𝜔O act together to facilitate 550 

the downward advection of high-PV air in the vicinity of the tropopause height minimum at this 551 

time (Fig. 2b). This downward advection of high-PV air subsequently contributes to the 552 

development of the steep, single-step tropopause structure observed at the time of jet 553 

superposition3. 554 

 The 𝜔Y pattern during eastern subtropical dominant events features a dipole, with QG 555 

descent upstream of the jet superposition and QG ascent downstream of the jet superposition 556 

(Fig. 13a). The 𝜔O pattern exhibits a tripole structure, with a thermally direct circulation beneath 557 

the jet-entrance region and a weak area of ascent beneath the jet-exit region (Figs. 13a and 2c). A 558 

comparison between 𝜔Y and 𝜔O demonstrates that 𝜔Y descent is larger in magnitude than 𝜔O 559 

descent immediately upstream of the jet superposition, but is of the same magnitude as 𝜔O in 560 

locations farther upstream along the polar jet waveguide. As with polar dominant events, both 𝜔Y 561 

and 𝜔O contribute to QG descent beneath and on the poleward side of the tropopause height 562 

minimum within the cross section shown in Fig. 13b. Notably, the 𝜔O descent maximum is not 563 

focused in close proximity to the tropopause height minimum, as it was during polar dominant 564 

events (compare Figs. 13b and 12b). The maximum in 𝜔Y descent is focused in close proximity 565 

to the tropopause height minimum, however, which suggests that 𝜔Y descent dominates the 566 

production of downward PV advection and the formation of a steep, single-step tropopause 567 

                                                
3 Similar vertical motion patterns to those shown in Figs. 12–14 are also obtained 12 h prior to jet superposition. 
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structure within the cross section shown in Fig. 13b. 568 

 Similar to the other two jet superposition event types, the 𝜔Y pattern during western 569 

subtropical dominant events features a dipole with QG descent upstream of the jet superposition 570 

and QG ascent downstream of the superposition (Fig. 14a). The 𝜔O pattern exhibits a quadrupole 571 

structure with a thermally direct circulation beneath the jet-entrance region and a thermally 572 

indirect circulation beneath the jet-exit region (Figs. 14a and 2e). Consistent with polar and 573 

eastern subtropical dominant events, the magnitude of 𝜔Y is larger than 𝜔O in the immediate 574 

vicinity of western subtropical dominant events (Fig. 14a) and the cross section shown in Fig. 575 

14b confirms that 𝜔Y descent is larger in magnitude than 𝜔O descent beneath and on the 576 

poleward side of the tropopause height minimum. The 𝜔Y and 𝜔O descent maxima are both 577 

focused in close proximity to the tropopause height minimum, similar to polar dominant events, 578 

which suggests that both 𝜔Y and 𝜔O contribute to the development of the steep, single-step 579 

tropopause structure observed during western subtropical dominant events. 580 

 The contributions of 𝜔Y and 𝜔O to 𝜔U in the vicinity of jet superpositions is further 581 

evaluated in Fig. 15. The right-hand side of each panel in Fig. 15 depicts the area-averaged 𝜔U 582 

ascent as a function of pressure across all grid points downstream of each jet superposition event 583 

type with 𝜔U < –0.5 dPa s–1. The left-hand side of each panel in Fig. 15 depicts the area-averaged 584 

𝜔U descent across all grid points upstream of each jet superposition event type with 𝜔U > 0.5 dPa 585 

s–1. The area-averaged 𝜔U	on a particular isobaric surface is also partitioned into its contributions 586 

from the area-averaged 𝜔Y and 𝜔O, which are calculated by averaging 𝜔Y and 𝜔O over the same 587 

area on an isobaric surface used to compute the area-averaged 𝜔U. 588 

 The area-averaged 𝜔Y is considerably larger in magnitude than 𝜔O on all isobaric surfaces 589 

for polar dominant events (Fig. 15a). The dominance of 𝜔Y during polar dominant events is 590 
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associated with the presence of an amplified upper-tropospheric trough on the poleward side of 591 

the jet (Fig. 2a). The area-averaged 𝜔Y also dominates 𝜔O during western subtropical dominant 592 

events (Fig. 15c), but not to the same degree as during polar dominant events (Fig. 15a). As with 593 

polar dominant events, the dominance of 𝜔Y during western subtropical dominant events is 594 

associated with the presence of an upper-tropospheric trough on the poleward side of the jet (Fig. 595 

2c). Nevertheless, the upper-tropospheric flow pattern during western subtropical dominant 596 

events is not as amplified compared to polar dominant events, which may explain the reduced 597 

dominance of the area-averaged 𝜔Y relative to 𝜔O during western subtropical dominant events.  598 

 Whereas the area-averaged 𝜔Y ascent dominates 𝜔O ascent during eastern subtropical 599 

dominant events, the area-averaged 𝜔Y descent is of the same magnitude as 𝜔O descent below 600 

500 hPa (Fig. 15b). The larger contribution from 𝜔O descent during eastern subtropical dominant 601 

events compared to polar dominant and western subtropical dominant events may be attributed to 602 

two factors. First, the upper-tropospheric flow pattern is more amplified downstream of eastern 603 

subtropical dominant events (Fig. 2c), whereas the strongest flow amplification occurs in the 604 

immediate vicinity of polar and western subtropical dominant events (Figs. 2a,e). The reduced 605 

flow amplification in the immediate vicinity of eastern subtropical dominant events subsequently 606 

reduces the contribution from the area-averaged 𝜔Y descent to the area-averaged 𝜔U descent (Fig. 607 

15b). Second, eastern subtropical dominant events often form along the east coast of North 608 

America (Winters et al. 2020; their Fig. 4c). Consequently, eastern subtropical dominant events 609 

feature stronger tropospheric baroclinicity than polar dominant and western subtropical dominant 610 

events due to the juxtaposition of a cold continental air mass and a warm subtropical air mass 611 

beneath the jet superposition (compare the baroclinicity in Fig. 2d with Figs. 2b,f). The 612 

development of stronger baroclinicity during eastern subtropical dominant events results in a 613 
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vigorous across-front ageostrophic circulation and a comparatively larger contribution to QG 614 

descent from 𝜔O beneath the jet-entrance region of eastern subtropical dominant events. 615 

 616 

5.  Summary   617 

 The development of North American jet superpositions is conceptualized by Winters and 618 

Martin (2017) and Winters et al. (2020) as the juxtaposition of a polar cyclonic and tropical 619 

anticyclonic PV anomaly within the upper-troposphere. This juxtaposition leads to the addition 620 

of the nondivergent circulations induced by each PV anomaly and the development of strong 621 

wind speeds at the location of jet superposition. Once the respective PV anomalies are 622 

juxtaposed, vertical motion within the near-jet environment contributes substantially to the 623 

development of a steep, single-step tropopause structure (Winters and Martin 2016, 2017; 624 

Handlos et al. 2016; Winters et al. 2020). The influence of vertical motion during the 625 

development of jet superpositions motivates two analyses performed on jet superposition events 626 

in this study. First, this study utilizes piecewise QGPV inversion to quantify the relative 627 

influence of polar cyclonic and tropical anticyclonic PV anomalies on the production of vertical 628 

motion within the near-jet environment. Second, the Q vector is partitioned into an along-629 

isotherm (Qs) and across-isotherm (Qn) component to quantify the extent to which vertical 630 

motion in the near-jet environment is associated with synoptic-scale waves or frontal circulations 631 

in the vicinity of the jet, respectively.   632 

 The present study reveals that the QG vertical motion in the vicinity of polar dominant, 633 

eastern subtropical dominant, and western subtropical dominant jet superpositions is associated 634 

predominantly with the geostrophic wind induced by polar cyclonic QGPV anomalies and, in 635 

particular, the interactions between that geostrophic wind field with the mean temperature 636 
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pattern and the perturbation temperature pattern associated with polar cyclonic QGPV anomalies. 637 

This result indicates that polar cyclonic QGPV anomalies are essential to the jet superposition 638 

process from the standpoint that their associated vertical motion patterns contribute substantially 639 

to the production of a steep, single-step tropopause structure during the three jet superposition 640 

event types considered in this study. The strong influence of polar cyclonic QGPV anomalies on 641 

the development of jet superposition events complements prior case study work highlighting the 642 

substantial impact of coherent tropopause disturbances on the evolution of baroclinic waves at 643 

middle latitudes (e.g., Davis and Emanuel 1991; Hakim et al. 1996; Wandishin et al. 2000; Pyle 644 

et al. 2004; Winters et al. 2017), and motivates future work to better understand the large-scale 645 

flow patterns support the transport of polar cyclonic QGPV anomalies towards middle latitudes. 646 

This avenue of future work may be particularly effective in gauging the relative likelihood for 647 

the development of a jet superposition within an operational forecasting environment. 648 

 While the QG vertical motion in the vicinity of polar dominant, eastern subtropical 649 

dominant, and western subtropical dominant jet superpositions is associated primarily with the 650 

geostrophic wind induced by polar cyclonic QGPV anomalies, the QG vertical motion associated 651 

with the mid and upper-tropospheric baroclinicity induced by tropical anticyclonic QGPV 652 

anomalies is nonnegligible. Specifically, the presence of tropical anticyclonic QGPV anomalies 653 

in the vicinity of eastern and western subtropical dominant jet superpositions strengthens the mid 654 

and upper-tropospheric temperature gradient, such that the interaction between the geostrophic 655 

wind induced by polar cyclonic QGPV anomalies with the strengthened temperature gradient 656 

contributes to the production of QG vertical motion during these aforementioned jet 657 

superpositions. This particular interaction suggests that tropical anticyclonic QGPV anomalies, 658 

which can result from the cumulative effects of latent heating in the middle troposphere and/or 659 
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the poleward transport of tropical low-PV upper-tropospheric air, do not impact the production 660 

of QG vertical motion via their induced geostrophic wind fields, but rather through their 661 

influence on the strength of the mid and upper-tropospheric baroclinicity. The contribution from 662 

tropical anticyclonic QGPV anomalies to the structure of the upper-tropospheric baroclinicity 663 

and to jet streak intensification has also been noted as part of prior work on rapidly deepening 664 

surface cyclones (e.g., Reed et al. 1993; Davis et al. 1996; Morgan and Nielsen-Gammon 1998) 665 

and recurving tropical cyclones (e.g., Riemer et al. 2008; Riemer and Jones 2010; Grams et al. 666 

2011, 2013; Archambault et al. 2013; Grams and Archambault 2016). 667 

 Use of the Q-vector form of the QG-𝜔 equation to partition the QG vertical motion into 668 

an along-isotherm component (𝜔Y) and an across-isotherm component (𝜔O) provides additional 669 

insight into the character of QG vertical motion in the vicinity of jet superpositions. In particular, 670 

𝜔Y dominates the QG vertical motion pattern during polar dominant events. The dominance of 671 

𝜔Y in the vicinity of upper-level jet front systems has also been observed within individual case 672 

studies (e.g., Pyle et al. 2004; Martin 2014). In the context of the present study, the dominance of 673 

𝜔Y implies that an amplified upper-tropospheric flow pattern during polar dominant events 674 

contributes substantially to the production of QG vertical motion within the near-jet environment 675 

and the formation of a steep, single-step tropopause structure during those events.  676 

 The 𝜔Y pattern also dominates the QG vertical motion pattern during eastern and western 677 

subtropical dominant events, but not to the same degree as during polar dominant events. 678 

Namely, the upper-tropospheric flow pattern during both eastern and western subtropical 679 

dominant events exhibit reduced amplitude compared to polar dominant events, which may 680 

explain the smaller contribution from 𝜔Y to the QG vertical motion during both subtropical 681 

dominant event types. Additionally, eastern subtropical dominant events feature a larger relative 682 
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contribution from 𝜔O to the QG vertical motion compared to polar and western subtropical 683 

dominant events. The larger relative contribution from 𝜔O during eastern subtropical dominant 684 

events suggests that frontal circulations in the vicinity of the jet have a stronger relative influence 685 

on the production of QG vertical motion during eastern subtropical dominant events compared to 686 

polar and western subtropical dominant events. Therefore, the Q-vector partition utilized in this 687 

study reveals that the dynamical mechanisms responsible for the production of QG vertical 688 

motion in the vicinity of jet superpositions vary in relative importance depending on the location 689 

of jet superposition. 690 

  691 

Data Availability Statement 692 

The CFSR dataset used in this study is publicly available from the Research Data Archive at 693 
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in this study are archived at the University of Colorado Boulder (https://doi.org/10.25810/tscc-695 

2k05). All computer programs written to perform the data analysis are available from the first 696 

author upon request. 697 
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Tables 906 

QGPV Classification 
Category of 

QGPV 
Event Type Spatial 

Domain 
Criteria Boundary 

Condition 
Polar Cyclonic QGPV 

Anomalies 
(𝑞R;R)  

 

Polar 20–50°N 
120–85°W 

𝑞′	 ≥ 	4 × 10–� s–1 in 
the 700–150-hPa layer 

𝜙N′ = 0 on all 
lateral and 
horizontal 
boundaries 

East Subtropical 25–70°N 
105–55°W 

West Subtropical 30–70°N 
160–100°W 

Tropical Anticyclonic 
QGPV Anomalies  

(𝑞UOV) 

Polar 20–30°N 
112–87°W 

𝑞′ ≤	– 4 × 10–� s–1 in 
the 700–150-hPa layer 

𝜙N′ = 0 on all 
lateral and 
horizontal 
boundaries 

East Subtropical 25–70°N 
90–30°W 

West Subtropical 20–55°N 
150–90°W 

Residual QGPV 
Anomalies 
(𝑞>XY) 

 

All Event Types 10–80°N 
150°E–10°W 

All 𝑞′	in the 700–50- 
hPa layer, excluding 
polar cyclonic and 

tropical anticyclonic 
QGPV anomalies 

𝜙N′ = 𝜙 − 𝜙I on 
all lateral and 

horizontal 
boundaries at and 
above 700 hPa. 
𝜙N′ = 0 below 700 

hPa 
Lower-Tropospheric 

QGPV Anomalies 
(𝑞ZV) 

All Event Types 10–80°N 
150°E–10°W 

All 𝑞′ in the 1000–750-
hPa layer 

 

𝜙NL = 𝜙 −𝜙I on 
all lateral and 

horizontal 
boundaries below 
700 hPa. 𝜙N′ = 0 
at and above 700 

hPa 
Mean QGPV 
(𝑞I) 

 
 

All Event Types 10–80°N 
150°E–10°W 

𝑞I is calculated using 
the composite 

climatological mean 
geopotential based on 
all days that feature a 
superposition within a 
particular event type  

𝜙I on all lateral 
and horizontal 

boundaries 	

  907 

TABLE 1. The classification scheme used to partition the QGPV during polar dominant, eastern 908 
subtropical dominant, and western subtropical dominant jet superposition events. The first 909 
column lists the category of QGPV and the second column identifies the jet superposition event 910 
type. The third column identifies the spatial domain used to isolate each category of QGPV as a 911 
function of event type. For polar cyclonic and tropical anticyclonic QGPV anomalies, the spatial 912 
domain for each event type is referenced in the text as the “near-jet environment.” The fourth 913 
column lists the criteria used to partition the QGPV within the specified spatial domain, and the 914 
fifth column identifies the lateral and horizontal boundary conditions used to invert each 915 
category of QGPV for its associated geopotential. The reader is referred to section 3a for 916 
explanations of the variables included within the table. 917 
 918 



 41 

Figures 919 
 920 

 921 
FIG. 1. (a) Conceptual model summarizing the development of a jet superposition. The plus sign 922 
and the minus sign correspond to a polar cyclonic and tropical anticyclonic PV anomaly, 923 
respectively, with the blue and red arrows indicating the movement of each PV anomaly towards 924 
middle latitudes. The purple fill corresponds to isotachs, with the darker shade of purple 925 
identifying stronger wind speeds. (b) Idealized cross section along A–A', as indicated in (a), 926 
through a separate polar jet (PJ) and subtropical jet (SJ). Wind speed (gray shading with darker 927 
shades of gray identifying stronger wind speeds), potential temperature (red lines every 5 K), and 928 
the 2-PVU contour (thick yellow line). (c) As in (b), but for the idealized cross section B–B', as 929 
indicated in (a), through a jet superposition. Figure and caption are adapted from Winters et al. 930 
(2020; their Fig. 1). 931 
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FIG. 2. (left) Composite 250-hPa geopotential height (black solid lines every 120 m), 250-hPa 932 
geopotential height anomalies (yellow lines every 30 m, solid when positive and dashed when 933 
negative), 250-hPa wind speed (shaded according to the legend in m s–1), and 500-hPa vertical 934 
motion (contoured every 0.5 dPa s–1 in green for ascent and blue for descent) at the time of 935 
superposition for (a) polar dominant, (c) eastern subtropical dominant, and (e) western 936 
subtropical dominant jet superposition events. (right) Composite potential temperature (green 937 
lines every 5 K), wind speed (gray shading according to the legend in m s–1), the 1.5-, 2-, and 3-938 
PVU contours (yellow lines), PV advection by the three-dimensional divergent circulation (red 939 
lines every 0.5 × 10–5 PVU s–1, solid when positive and dashed when negative), and vertical 940 
motion (shaded according to the legend in dPa s–1) for (b) the cross section along C–C', as 941 
indicated in (a), (d) the cross section along D–D', as indicated in (c), and (f) the cross section 942 
along E–E', as indicated in (e). Figure and caption are adapted from Winters et al. (2020; their 943 
Figs. 5, 7b, 8, 10b, 11, 13b). 944 
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 945 

 946 
FIG. 3. The mean position of the 2-PVU contour on the 320-K and 350-K surfaces at 0000 UTC 947 
1 January is indicated by the thin blue line and thin red line, respectively, as a proxy for the 948 
position of the polar jet (PJ) and subtropical jet (SJ) waveguide. Shaded areas bounding each 949 
mean 2-PVU contour indicate locations at which an observation of 2-PVU on that particular 950 
isentropic surface would represent a standardized PV anomaly with a magnitude less than 0.5. A 951 
hypothetical deviation of the 2-PVU contour from its mean position on the 320-K surface during 952 
the formation of a (a) polar dominant jet superposition event (yellow star) is indicated by the 953 
thick blue contour. (b) As in (a), but for a subtropical dominant event. A hypothetical deviation 954 
of the 2-PVU contour from its mean position on the 350-K surface during the formation of a 955 
subtropical dominant event is indicated by the thick red contour. Figure and caption adapted 956 
from Winters et al. (2020; their Fig. 2).  957 
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FIG. 4. 300-hPa Ertel PV (green shading according to the legend in PVU) and 300-hPa QGPV 958 
(scaled by −𝑔(𝜕Θ>/𝜕𝑝); black lines every 0.5 PVU above 1 PVU) for (a) polar dominant, (b) 959 
eastern subtropical dominant, and (c) western subtropical dominant events at the time of jet 960 
superposition. The value in the top right of each panel indicates the spatial correlation between 961 
the 300-hPa Ertel PV and 300-hPa QGPV for each event type. 962 
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FIG. 5. 250-hPa QGPV anomalies (black lines every 4 × 10–5 s–1, solid when positive and 964 
dashed when negative) at the time of superposition for polar dominant jet superposition events. 965 
The plotted QGPV anomalies are shaded to illustrate the QGPV classification scheme outlined in 966 
Table 1 and described in the text. (b) As in (a), but for 300-hPa QGPV anomalies at the time of 967 
superposition for eastern subtropical dominant events. (c) As in (a), but for 300-hPa QGPV 968 
anomalies at the time of superposition for western subtropical dominant events.  969 
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 970 
FIG. 6. (a) 500-hPa QG 𝜔 is shaded according to the legend in dPa s–1, and the positions of the 971 
2-PVU contour within the 320–325-K layer and 345–350-K layer at the time of a polar dominant 972 
jet superposition are indicated by the thick blue line and thick red line, respectively. (b) As in (a), 973 
but for the adiabatic contribution to the full QG vertical motion (𝜔U). (c) As in (a), but for the 974 
diabatic contribution to the full QG vertical motion (𝜔:). (d) The QG 𝜔 associated with each 975 
category of QGPV. Lines are plotted every 0.5 dPa s–1, are solid when positive and dashed when 976 
negative, and are colored according to the categories of QGPV listed in the legend. In all panels, 977 
the yellow dot indicates the average location of jet superposition, and the red ‘X’ and orange ‘X’ 978 
denote the locations of maximum 𝜔U descent and 𝜔U	ascent, respectively.  979 
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FIG. 7. As in Fig. 6, but at the time of an eastern subtropical dominant jet superposition. QG 𝜔 980 
is shaded and contoured every 0.25 dPa s–1. 981 
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FIG. 8. As in Fig. 7, but at the time of a western subtropical dominant jet superposition. 983 
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 985 
 986 
FIG. 9. (a) 500-hPa QG 𝜔 associated with the interaction between 𝑽𝒄𝒚𝒄 and 𝑇I is shaded 987 
according to the legend in dPa s–1, the 500-hPa perturbation geopotential height associated with 988 
polar cyclonic QGPV anomalies is contoured in black every –30 m, and the climatological mean 989 
temperature field at 500 hPa is contoured in dashed red every 3 K at the time of a polar dominant 990 
jet superposition. (b) 500-hPa QG 𝜔 associated with the interaction between 𝑽𝒄𝒚𝒄 and 𝑇UOV is 991 
shaded according to the legend in dPa s–1, the 500-hPa perturbation geopotential height 992 
associated with polar cyclonic QGPV anomalies is contoured in black every –10 m, and the 500-993 
hPa perturbation temperature field associated with tropical anticyclonic QGPV anomalies is 994 
contoured in dashed red every +1 K at the time of an eastern subtropical dominant jet 995 
superposition.  996 
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 997 
FIG. 10. The percent of the total 𝜔U descent (shaded according to the legend) that is associated 998 
with interactions between the geostrophic winds induced by each category of QGPV anomalies 999 
(rows), and the temperature fields associated with each category of QGPV anomalies (columns). 1000 
The intersection of a row and column represents a particular interaction term, with the three 1001 
boxes within an interaction term indicating the percent of 𝜔U descent that is associated with that 1002 
interaction term at the location of maximum 𝜔U descent (red ‘X’s in Figs. 6–8) during polar 1003 
dominant (P), eastern subtropical dominant (E), and western subtropical dominant (W) jet 1004 
superposition events. The numeric percentage of 𝜔U descent associated with each interaction 1005 
term is listed for those boxes in which the absolute value of the percent of 𝜔U descent is greater 1006 
than 5%. Negative percentages correspond to interaction terms that are associated with QG 1007 
ascent at the location of maximum 𝜔U descent. 1008 
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 1011 
FIG. 11. As in Fig. 10, but for the percent of 𝜔U ascent (shaded according to the legend) that is 1012 
associated with interactions between the geostrophic winds induced by each category of QGPV 1013 
anomalies and the temperature fields associated with each category of QGPV anomalies at the 1014 
location of maximum 𝜔U ascent (orange ‘X’s in Figs. 6–8) during polar dominant (P), eastern 1015 
subtropical dominant (E), and western subtropical dominant (W) jet superposition events. The 1016 
numeric percentage of 𝜔U ascent associated with each interaction term is listed for those boxes in 1017 
which the absolute value of the percent of 𝜔U ascent is greater than 5%. Negative percentages 1018 
correspond to interaction terms that are associated with QG descent at the location of maximum 1019 
𝜔U ascent. 1020 
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 1022 
FIG. 12. (a) 500-hPa 𝜔O is shaded according to the legend in dPa s–1, 500-hPa 𝜔Y is contoured in 1023 
black every 0.25 dPa s–1, solid when positive and dashed when negative, and the positions of the 1024 
2-PVU contour within the 320–325-K layer and 345–350-K layer at the time of a polar dominant 1025 
jet superposition are indicated by the thick blue line and thick red line, respectively. The yellow 1026 
dot indicates the average location of jet superposition. (b) Cross section along F–F', as indicated 1027 
in (a), with potential temperature (red lines every 5 K), the 1.5-, 2-, and 3-PVU contours (thick 1028 
yellow lines), 𝜔O (shaded according to the legend in dPa s–1), and 𝜔Y (black contours every 0.25 1029 
dPa s–1 above 0.25 dPa s–1). 1030 
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 1032 
FIG. 13. (a) As in Fig. 12a, but for an eastern subtropical dominant jet superposition. (b) As in 1033 
Fig. 12b, but for the cross section along G–G', as indicated in (a). 1034 
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 1036 
FIG. 14. (a) As in Fig. 12a, but for a western subtropical dominant jet superposition. (b) As in 1037 
Fig. 12b, but for the cross section along H–H', as indicated in (a). 1038 
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 1040 
FIG. 15. (a) The area-averaged 𝜔U ascent downstream of polar dominant jet superpositions at 1041 
locations in which 𝜔U < –0.5 dPa s–1 (e.g., green shading in Fig. 6b) is shown as a function of 1042 
pressure in green on the right-hand side of the plot. The area-averaged 𝜔U descent upstream of 1043 
polar dominant jet superpositions at locations in which 𝜔U > 0.5 dPa s–1 (e.g., blue shading in 1044 
Fig. 6b) is shown in green on the left-hand side of the plot. The components of the area-averaged  1045 
𝜔U ascent and descent that can be attributed to 𝜔Y and 𝜔O are indicated by the blue and red 1046 
contours, respectively. The gray shading highlights the total area (in 106 km2) of 𝜔U ascent or 1047 
descent on each isobaric level that was used to calculate the area-averaged 𝜔U (e.g., the total area 1048 
of green or blue shading at 500 hPa in Fig. 6b). (b) As in (a), but for eastern subtropical 1049 
dominant jet superpositions. (c) As in (a), but for western subtropical dominant jet 1050 
superpositions. 1051 


